
Chapter 2

Stable Isotopes of Water

Stable water isotopes are a very powerful means to study the global water cycle, and
a corner stone of paleoclimate reconstructions. This chapter reviews the concepts and
principles of stable isotopes in the atmospheric water cycle. Thereby, the focus is on
how synoptic variability of the water cycle establishes longer-term mean isotope sig-
nals. First, the background of stable isotope physics and some definitions will be given.
The four sections thereafter describe stable isotope processes in the atmospheric branch
of the hydrological cycle, advancing from the microphysical, to the synoptic, the sea-
sonal, and finally the multi-annual scale. At the end, the current modelling efforts are
briefly summarised, and implications for this work are derived. Throughout the chap-
ter, the focus is on pointing out current knowledge gaps, and on highlighting where
our trajectory-based methodology fits in.

2.1 Background and definitions

Physically, stable isotopes are atoms which take the same position in the table of ele-
ments, but have a different number of neutrons and therefore mass. The most relevant
isotopes for atmospheric and hydrologic sciences are 18O for oxygen (corresponding to
the most abundant isotope 16O), and 2H (or Deuterium, D) for hydrogen (corresponding
to the most abundant isotope 1H) (e.g. Gat 1996; Mook 2001). The respective heavy wa-
ter molecules are then H18

2 O and HDO. These stable isotope molecules are summarised
under the term stable water isotopes. The stable isotope 17O and the radioactive isotope
3H play a minor role for the present discussion, and are hence not considered further
(see Mook (2001) for a detailed discussion).

The larger number of neutrons lends a larger atomic weight to the heavy isotopes.
This increased mass can induce measurable physical and chemical effects. During
phase changes, such as evaporation and condensation, stable isotopes become enriched
in one phase and depleted in the other. This separation of isotopes between reservoirs
is termed isotopic fractionation. Disentangling how exactly the various atmospheric pro-
cesses lead to isotopic fractionation is the core problem of stable isotope meteorology.

7
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The heavy stable water isotopes are considerably less abundant than the most com-
mon isotopes (Table 2.1). For quantifying the abundance of an isotope in a reservoir,
the large difference between, for example, the number of H16

2 O and H18
2 O molecules

in a given volume of water makes it favourable to introduce the isotopic ratio R. R is
calculated as the ratio of concentrations between the rare and abundant molecules, e.g.:

18R =
rare isotope abundance

abundant isotope abundance
=

[H18
2 O]

[H16
2 O]

. (2.1)

Fractionation processes leading to isotopic enrichment and depletion of a reservoir can
be quantified more intuitively if isotope ratios are expressed relative to a standard.
Measurements of stable isotopes are also typically require a common standard. For
atmospheric applications, the usual standard is the Vienna Standard Mean Ocean Water
(V-SMOW), published and distributed regularly by the IAEA1, Vienna. The delta (!)
notation is used to quantify stable isotope as relative ratios:

!18O =

!18Rsample !18 Rstd

18Rstd

"

" 1000 =

!18Rsample

18Rstd
! 1

"

" 1000 (!). (2.2)

Here Rstd is the isotopic ratio of the standard. As atmospheric delta values are generally
small, they are usually expressed in permil (!). Typical isotopic ratios are compiled in
Table 2.2.

2.1.1 Equilibrium fractionation

Isotopic fractionation in the atmosphere is to a good approximation a purely physical
process, governed by the mass of the involved molecules. Isotopically heavier wa-
ter molecules have two main properties which influence their fractionation behaviour:
(i) due to the heavier weight, their diffusion velocity is slower, and (ii) due to their
larger mass, phases with stronger bonds are preferred (solid > liquid > vapour). As
the phase changes are fully reversible, given sufficient reaction time an isotopic equi-

1International Atomic Energy Agency

Table 2.1: Natural abundances of oxygen and hydrogen isotopes. After Mook (2001).

Oxygen Hydrogen
Isotope Abundance (%) Isotope Abundance (%)

16O 99.76 1H 99.985
17O 0.038 2H(D) 0.015
18O 0.200 3H(T)! < 10"15

!radioactive isotope
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Table 2.2: Typical natural isotopic ratios of water in the hydrological cycle. After Mook (2001).

Natural reservoir !18O (!) !D (!)

Ocean water -6. . . +3 -28. . . +10
Arctic sea ice -3. . . +3 0. . . +25
Marine moisture -15. . . -11 -100. . . -75
Lake Chad +8. . . +16 15. . . +50
Alpine glaciers -19. . . -3 -130. . . -90
Greenland -39. . . -25 <-150. . . -100
Antarctica -60. . . -25 <-150. . . -100
(Sub)Tropical precipitation -8. . . -2 -50. . . -20
Mid-latitude rain! -10. . . -3 -80. . . -20
Mid-latitude snow! -20. . . -10 -160. . . -80
! from the summer/winter precipitation at the IAEA station Vienna.

librium between two phases will be reached. Consequently, these two mass-dependent
fractionation effects are termed equilibrium effects.

As an illustration, consider the process of evaporation of water vapour from a water
surface. Let the water surface have the isotopic composition of standard mean ocean
water (by definition !18O = 0! and !D = 0!). Isotopically lighter water molecules
will evaporate preferentially, and relative to the standard, form depleted atmospheric
vapour, and leave behind an enriched water body. In terms of the ! notation, this is ex-
pressed as !vapour < 0! and !surface > 0!. Vice versa, when atmospheric water vapour
condensates into droplets, the heavier water molecules will preferentially form the liq-
uid (or solid) phase, leading to enriched precipitation, and leaving behind a depleted
vapour phase (!vapour > !rain).

The phase change equations for the equilibrium reactions that occur in a mixed-
phase cloud, for example, can be formulated for the molecule HDO as:

HDO(v) ! HDO(l) (2.3)

HDO(l) ! HDO(s) (2.4)

HDO(v) ! HDO(s) (2.5)

where v, l, and s denote the vapour, liquid, and solid water phases, respectively. In
atmospheric conditions, the equilibrium fractionation effects depend only on tem-
perature. Their effect is most pronounced for cold temperatures, and fades towards
warmer temperatures as an effect of the increasing excitation of rotational and vibra-
tional modes within molecules.

The stable isotope ratios of two phases in isotopic equilibrium are compared by
means of the fractionation factor ", which effectively is a reaction constant of the equilib-
rium reaction:
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!v/l =
18Rv

18Rl
=

"18
v O + 1000

"18
l O + 1000

(2.6)

Typically, ! is very close to 1.0, which is why frequently fractionation is expressed either
as 1000 ! ln(!) or as #:

# = (! " 1) ! 1000. (2.7)

In Eq. 2.6, ! < 1 (or # < 0) indicates that 18O is enriched in the liquid phase; conversely,
! > 1 (or # > 0) would signify that 18O is enriched in the vapour phase. Fractionation
factors are an important ingredient for many stable isotope models. The influence of
air temperature on isotopic fractionation, for instance, can easily be introduced by a
temperature dependency of !. For the liquid to vapour transition of 18O, for instance,
Majoube (1971) determined an equilibrium fractionation factor ! of 1.0098 and 1.0117
at 20! C and 0! C, respectively (see also Table 2.3). It is important here to note that due
to the smaller molecule size and binding energies, fractionation factors are roughly 8
times stronger for D (# = 0.08 at 20!C).

2.1.2 Rayleigh distillation

A Rayleigh distillation process serves as an illustrative example for a simple model
of isotopic fractionation with one reservoir and one sink (e.g. Mook 2001; Gat 1996).
Consider a drop of rain that is evaporating while falling through a layer of unsaturated
air. Given sufficient time, the rain drop will evaporate completely. Initially, the rain
drop consists of N0 molecules of water, and an isotope ratio of 18R0 (18R is defined as
in Eq. 2.1). At a certain instant in time, the rain drop will consist of N/(1 +18 R) # N
molecules of the abundant and Ni =18 R ·N/(1 +18 R) molecules of water with the rare
isotope. Given the removal of dN molecules of water with the constant fractionation
factor !, the mass balance for the rare isotope is

Table 2.3: Fractionation factors of 18O dependent on temperature for the vapour/liquid and
solid/liquid transition of water, and the ratio of 2H to 18O fractionation. After Majoube (1971);
Mook (2001).

T (!C) 18!v/l (!) 18!l/s (!) 18"v/l (!) 18"l/s (!) Ratio

0 -11.55 -34.68 0.9885 0.9653 8.7
10 -10.60 -32.14 0.9894 0.9679 8.4
20 -9.71 -29.77 0.9903 0.9702 8.1
30 -8.89 -27.56 0.9911 0.9724 7.7
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18R

1 +18 R
N =

18R + d18R

1 +18 R + d18R
(N + dN) !

!18R

1 + !18R
dN. (2.8)

Taking all denominators equal to 18R + 1 and neglecting products of differentials, this
equation becomes

d18R
18R

=
dN

N
(! ! 1). (2.9)

With the initial conditions N0 and 18R0, Eq. 2.9 can be integrated to

18R =18 R0

!

N

N0

"!!1

=18 R0 · f
!!1 (2.10)

or, in " notation

"18O =
1 + "18

0 O

f "
! 1. (2.11)

Here, f = N/N0 is the fraction of the reservoir (the rain drop) which is remaining

surrounding vapourinstantaneous
evaporateresidual reservoir

Figure 2.1: Changes in isotopic composition during Rayleigh fractionation process in a closed
system. The reservoir has an initial isotope ratio !0

18O= 0.0. The fractionation factor is " =

1.005 (# = 5). See text for details.
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during the Rayleigh distillation. Fig. 2.1 shows the temporal evolution of the isotopic
composition of the rain drop and the ambient water vapour, taking the reservoir frac-
tion f as a (non-proportional) axis of time. The rain drop has an initial isotope ratio
!0

18O= 0.0, and " = 1.005 (or # = 5). The residual rain drop has an increasingly en-
riched isotopic composition during the fractionation process (Fig. 2.1, dashed line), as
the light isotopes evaporate preferentially. The isotopic ratio of the instantaneous evap-
orate (Fig. 2.1, solid line) however also depends on the isotopic composition of the
reservoir, and hence becomes increasingly enriched during the distillation. Note that
the isotopic offset (Fig.2.1, arrow) according to the fractionation factor is constant with
f . The isotopic composition of the total surrounding vapour (Fig. 2.1, dotted line) ac-
cordingly increases from the smallest value !18O= !5! for f = 1 to zero (the initial
composition of the liquid phase) at f = 0, i.e. when the rain drop has completely evap-
orated.

Rayleigh distillation models are widely applied in isotope studies in the atmo-
spheric sciences (see Section 2.6), and can be further extended by considering several
coupled reservoirs, and modified to describe open systems systems (Gat 1996; Mook
2001).

2.1.3 Non-equilibrium (kinetic) fractionation

In addition to the equilibrium fractionation effects, so-called kinetic or non-equilibrium
fractionation can take place during phase changes. If the evaporating water vapour
above a water surface is for example continuously transported away by turbulent pro-
cesses, the phase change reaction cannot reach an equilibrium, i.e. it is forced towards
one side of the reaction equation, e.g.

HDO(l) " HDO(v). (2.12)

In the transition from the saturated water surface to the turbulent boundary layer, water
vapour passes through an intermediate layer where molecular diffusion velocities are
important. Diffusion velocities are different for the two water isotope molecules HDO
and H18

2 O. Unlike in equilibrium fractionation, there is not enough time, mostly for the
slower-moving H18

2 O molecules, to reach an equilibrium state, which results in mea-
surable deviations from equilibrium conditions. Namely, the fractionation ratio of the
two molecules will deviate from the #1:8 ratio observed under equilibrium conditions
(Table 2.3). The effects of non-equilibrium fractionation is quantified as the Deuterium
excess (d-excess) (Dansgaard 1964). The d-excess is defined by the deviation of the com-
bined isotopic information of !D and !18O from the relative fractionation under normal
conditions:

d = !D ! 8 · !18O (!). (2.13)
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The extent of non-equilibrium fractionation during evaporation is influenced by vari-
ous factors, such as the relative humidity gradient above the water surface, air and wa-
ter temperature, and the evaporative cooling of the water surface (Merlivat and Jouzel
1979; Cappa et al. 2003).

Some controversy surrounds the interpretation of this secondary isotope parame-
ter. While usually being interpreted as a signal of the evaporation conditions, often in
particular as sea surface temperature signal (Barlow et al. 1993; Delaygue et al. 2000),
kinetic fractionation does also occur during other atmospheric processes, e.g. in mixed-
phase clouds during ice supersaturation (Ciais and Jouzel 1994; Ciais et al. 1995, see
below).

Now that the basic notions of stable isotope processes have been laid out, a detailed
and quantitative review of fractionation processes is undertaken in the following sec-
tion.

2.2 Isotope fractionation processes

This section provides an overview of the physical mechanisms of stable water isotope
fractionation that are relevant for atmospheric processes. The description follows ap-
proximately a natural sequence of moisture transport, beginning with evaporation from
the ocean, via condensation due to cooling, the formation of rain and possibly snow,
which finally reach the ground again (Fig. 2.2). Important differences between equi-
librium and non-equilibrium (kinetic) fractionation effects as mentioned before will be
highlighted during this discussion.

Evaporation from a water surface (Fig. 2.2, !1 ) comprises a combination of
equilibrium and kinetic fractionation effects, following the widely used model of
Craig and Gordon (1965). Directly at the interface of water and air, the two phases are in
isotopic equilibrium, with the vapour being depleted by about 9! in !18O and 80! in
!D with respect to the sea surface. A layer which is dominated my molecular diffusion
froms the transition from the sea surface to the turbulent boundary layer. The diffusion
speed in this layer is strongly influenced by the relative humidity gradient, but also by
the evaporative cooling of the uppermost 0.5 mm of the water surface, as a recent study
has revealed (Cappa et al. 2003). Within the turbulent surface layer, water vapour is as-
sumedly transported without fractionation (Fig. 2.2, !2 ). Problems of the Craig-Gordon
approach occur when additional evaporation processes come into play, in particular
from sea spray and droplet evaporation, for example during strong wind conditions
(Lawrence et al. 1998; Gat et al. 2003). Then, water vapour above the sea surface may
be less depleted than one would expect from the Craig-Gordon model. As diffusion is
important in the evaporation process, non-equilibrium fractionation takes place. The
d-excess (Eq. 2.13) is hence assumed to be largely determined by the relative humidity
and the SST at the evaporation site (Merlivat and Jouzel 1979; Jouzel and Koster 1996).
However, the available data of water isotopes in the marine boundary layer barely al-
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Figure 2.2: Schematic of fractionation processes in the atmospheric branch of the hydrological
cycle. See text for details.

low to verify the theory (Gat et al. 2003).

Evaporation and transpiration from land surfaces is generally assumed to occur
without fractionation (Rozanski and Sonntag 1982). This assumption is justified to
some degree, since, for example, intercept storage water often evaporates completely
and hence the vapour retains the isotopic signature of the liquid (see Sec. 2.1.2). How-
ever, some fractionation may occur during soil water transpiration (Aggarwal et al.
2004), and little is currently known about the fractionation during the transpiration of
plants. For the present study, the Ocean is by far the dominant moisture source, hence
this issue is of minor importance.

As an air parcel rises, atmospheric water vapour condenses due to adiabatic
and radiative cooling (Fig. 2.2, !3 ). The formation of cloud water is an equi-
librium process, that can realistically be described by Rayleigh distillation models
(Rozanski and Sonntag 1982). During continuing condensation, the heavy isotopes
preferentially form the condensed phase that eventually falls as precipitation (Fig. 2.2,
!5 ), thereby depleting the remaining water vapour and cloud water (Fig. 2.2, !4 ). The
same applies when ice crystals form, yet with different fractionation factors (Fig. 2.2,
!6 ). At very low temperatures (below 250 K), an additional fractionation mecha-
nism comes into play, during diffusion of water vapour onto ice crystals. The non-
equilibrium fractionation effect during this process is not well constrained by observa-
tions, and usually parameterised by a semi-empirical supersaturation function S which
describes the Bergeron-Findeisen process (Ciais and Jouzel 1994).
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Liquid precipitation that falls through the atmospheric column below cloud base is
subject to two fractionation processes: (i) rain water equilibrates its isotopic composi-
tion with the surrounding moisture (Fig. 2.2, !5 ). The equilibration time depends on
drop size and relative humidity. As the moisture at lower levels is typically less de-
pleted than the precipitation at cloud base, the precipitation becomes enriched, and the
isotopic composition of the rain at the surface closely resembles that of the moisture
near the surface (Gedzelman and Arnold 1994). The larger the rain drops, the higher
the fall velocity, and the lower the exchange with the surrounding moisture. Typical
relaxation times and fall velocities are given in Table 2.2. (ii) When precipitation falls
through layers of low relative humidity, evaporation from falling droplets leads to an
enrichment of the remaining rain, and consequently significantly enriched isotopic sig-
nals at the surface (Fig. 2.2, !8 ). This can in particular be the case in the vicinity of desert
areas (Gat 1996).

Already depleted water vapour can be fed back into the condensation process
(Fig. 2.2, !7 ), which leads to further depletion of the air masses, and the eventually
formed precipitation (Gedzelman and Arnold 1994; Lawrence et al. 1998).

Solid precipitation does not equilibrate with the surrounding moisture after the de-
position on snow crystals in the cloud. Hence, snow typically communicates a sig-
nificantly more depleted isotopic signal from the cloud base to the surface (Table 2.2).
Hail stones may contain a sequence of information from different atmospheric levels
(Jouzel et al. 1975; Federer et al. 1982b,a). Unknown isotopic effects may occur during
the riming of snow crystals and partial melting. The altitude of the melting layer plays
an important role for the transition between the isotopic signals of rain and snow. It
determines the distance that is available for equilibration between the falling precip-
itation and the surrounding moisture (Gedzelman and Arnold 1994). The closer the
melting layer is to the surface, the more will the precipitation signal resemble that of
snow (Fig. 2.2). So far, this phenomenon has not yet been studied in the field.

The most important consequence of this discussion for high latitudes (and altitudes)
is that the signal of !18O and !D in snow should in general represent the conditions at
precipitation formation, while for rain it more or less reflects the conditions near the
surface. As is detailed in the next section, these general characteristics are the key to
understand the complex isotopic signals generated by weather systems.

Table 2.4: Relaxation times, relaxation distances, and fall velocities for typical rain drop sizes at
10!C. After (Mook 2001; Houze Jr. 1993).

Drop radius Relaxation time Relaxation distance Terminal velocity
(mm) (s) (m) (ms"1)

0.1 7.1 5.1 1.00
0.5 92.5 370 2.00
1.0 246 1600 3.50



16 Chapter 2. Stable Isotopes of Water

2.3 Isotopic processes in weather systems

The fractionation processes acting on microphysical scales are usually part of well-
defined weather systems. Mid-latitude cyclones, fronts, and moist convective systems
are the most important organised moisture transport systems. They contain a three-
dimensional water isotope information, which is to some extent communicated to the
surface via precipitation processes. In this section, the principal properties of stable
isotope ratios in (i) mid-latitude cyclones and their stratiform precipitation, and (ii)
convective systems are synthesised.

2.3.1 Mid-latitude cyclones

Early studies of stable isotopes in mid-latitude precipitation showed a large variability
between storms, and revealed in addition distinct temporal and spatial trends and fluc-
tuations within individual storms (Dansgaard 1964; Gedzelman and Lawrence 1982;
Gedzelman et al. 1989; Gedzelman and Lawrence 1990). Gedzelman and Lawrence
(1990) and Gedzelman and Arnold (1994) introduced an instructive interpretation of
within-storm stable isotope variability by considering the vertical structure of stable
isotope composition in precipitating systems.

In a schematic 2-dimensional model2, a cross-section through the warm and cold
front of a well-developed mid-latitude cyclone separates warm and cold air masses
(Fig. 2.3). At the warm front, warm and moist air is gently sliding upward onto colder
and denser air-masses downstream. Large-scale condensation and fractionation occurs
in this region, and water vapour increasingly becomes depleted in heavy isotopes as it
is lifted to higher altitudes. A transect of isotope measurements within the clouds from
downstream towards the location of the warm front at the surface would record increas-
ingly less depleted isotopic ratios as the cloud base approaches the surface (Fig. 2.3, sec-
tor c). However, it is crucial to distinguish here between solid and liquid precipitation,
or, more specifically, to consider the altitude of the melting layer. Snow will transmit the
isotopic signal from the deposition altitude in the cloud to the surface without changes,
while rain will tend to equilibrate with the surrounding water vapour depending on
fall distance and droplet size (Table 2.2). This together with the position of the melt-
ing layer and the decreasing depletion of the cloud water leads to the gradual increase
of the isotopic signal in surface precipitation towards the surface warm front (Fig. 2.3,
right curve in lower panel). Dansgaard (1964) already noted the height of the front
above ground as an important parameter for the stable isotope composition of precipi-
tation, but the height of the melting layer should be considered as an equally important
parameter (Gedzelman and Arnold 1994).

2Note that this view of a mid-latitude cyclone is highly idealised, and does not represent the full
3-dimensional flow structure within developing cyclones (compare e.g. Wernli 1995).
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Figure 2.3: Schematic sketch of stable isotope processes at the warm and cold fronts of an
extratropical cyclone. W: warm sector, C,c: cold sectors. Gray band: melting layer. ! gives
typical values for !D. Lower panel sketches a typical instantaneous isotopic signature for the
precipitation at the surface. Barbed arrow indicates wind direction.

Similar processes occur near the cold front of a precipitating cyclone (Fig. 2.3, sec-
tor C). In an upstream transect through the cold sector C one would observe an in-
verted sequence, starting with a variable isotope signal, then going from only weakly
towards increasingly depleted isotope ratios. Convection at the cold front can lead to
short episodes of very depleted precipitation, as is explained in the next section. In
this example, the decreasing height of the melting layer in the cold sector reduces the
equilibration distance for the falling rain, and then leads to significantly lower isotopic
values as snow reaches the surface (Fig. 2.3, left curve in lower panel). Precipitation
from occluded cyclones or with embedded convection is likely to have an even more
complicated isotopic signature.

During their life-cycles, mid-latitude cyclones will produce increasingly depleted
precipitation as they travel polewards along the storm tracks and transport moisture to
higher latitudes. From the above discussion, it can be derived that this is due to (i) frac-
tionation at colder air/cloud temperatures due to adiabatic and radiative cooling, (ii)
more depleted water vapour due to lifted fronts, and (iii) the melting layer being closer
to the ground with increasing latitudes. The role of the initial isotopic composition of
the moisture is discussed in Sec. 2.3.3.
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2.3.2 Convective systems

The isotopic processes in convective systems are more complex and less understood
than for systems with stratiform precipitation. Conceptually, convection is a process
acting mainly on the vertical scale (Fig. 2.4). Moist convection is triggered either by adi-
abatic, diabatic, or orographic processes in (conditionally) unstable air. Rapid vertical
upward motion (updraughts, Fig. 2.4, upward arrows) leads to rapid condensation and
precipitation formation with large droplets and intense showers. Precipitation falling
back through the updraughts equilibrates with the surrounding vapour, and is hence in
general less depleted than stratiform precipitation. Large drop sizes and high precipita-
tion intensity however counteract equilibration. Rapid transport in cold downdraughts
(Fig. 2.4, downward arrows) can in addition reduce equilibration and lead to episodes
of more depleted precipitation. In the same way as depleted moisture from higher
altitudes can be recycled into the convective cloud via entrainment, new depleted lay-
ers of water vapour form in the high-altitude outflow regions of convective systems
(Gedzelman and Arnold 1994; Gedzelman and Lawrence 1982). Hail stones moving up
and down between melting and freezing layers carry isotopic records of their formation

RH=90%

RH=80%

!

! = -50%0

! = -200%0

!"# -400%0

Figure 2.4: Schematic sketch of isotopes in a convective cloud. Lower panel sketches a typical
isotopic signature for the precipitation at the surface. Barbed arrow indicates wind direction.
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conditions to the surface (Federer et al. 1982b). If the convective cell precipitates into
unsaturated air masses, rain water evaporation may again increase the isotope ratios
of the remaining rain. In an upstream transect below the convective cloud (Fig. 2.4,
lower panel), an observer would generally measure a very variable isotopic signal, at
first with slightly enriched isotope ratios, then strong excursions towards highly de-
pleted values in downdraught and intense precipitation regions, and finally again a
less depleted tailing-out of the isotope record, as equilibration in lighter rainfall sets in
again.

In the inter-tropical convergence zone (ITCZ), large-scale convective systems are
responsible for by far the largest part of the precipitation. In these areas, the isotope
characteristics of convective systems also dominate the stable isotope seasonality in
precipitation. The moisture transport characteristics of Monsoon systems are at present
not well understood. Again, such systems lead to sustained heavy precipitation with
large droplets and relative humidity close to saturation below the cloud, which can al-
low for the communication of depleted isotopic signals from high altitudes to ground
level (see amount effect, pg. 24). In large-scale basins, such as the Amazon or central
China, an important fraction of precipitation is recycled from land sources, which in
addition leads to successively depleted isotopes (see continentality effect, pg. 24). Trop-
ical cyclonic systems, such as hurricanes, have been observed to produce very depleted
precipitation (Lawrence and Gedzelman 1996). Besides the very effective precipitation
generation of such systems, which include embedded convective cells, moisture recy-
cling between successive rain bands centered around the wall region has been proposed
as a mechanism to produce such depleted isotopic signals (Lawrence et al. 1998).

2.3.3 Further remarks

In the above discussion, the initial isotopic composition of water vapour has not been
taken into consideration as a factor of influence. This influence is not well constrained
by observations, and is often assumed as equal to the isotopic ratios of precipitation
near the surface. The isotopic composition of !D and !18O near the surface can be
modelled, for example in a general circulation model (GCM) by means of the Craig-
Gordon approach (see Sec. 2.6).

All of the above processes pose particular problems for the d-excess parameter, as
very little is known on non-equilibrium fractionation in clouds, and experimental data
from the atmosphere are hardly available. While hence the short-term variability for
this parameter in precipitation or water vapour may be impossible to interpret, on
longer time scales it may still contain useful information, as will be further elucidated
below.

For a Lagrangian modelling approach the implications of the above discussion of
stable isotopes in weather systems are that after deposition in the cloud the isotopic
ratios of snow remain unchanged and should be successfully predictable by Rayleigh
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models. For rain, however, the processes acting below the cloud exert an important
influence on the isotopic ratios in precipitation at the surface, and should not be ne-
glected. The preferred targets for Lagrangian isotope models are hence high latitudes,
winter seasons, and high altitude locations.

In the following section, the understanding of the stable isotope signature of indi-
vidual weather systems presented above will be applied to describe the mean global
water isotope characteristics.

2.4 Isotopic processes on the seasonal to annual scale

On seasonal to annual time scales, a climatological mean state emerges from the super-
position of weather-induced isotope signals. This isotopic mean state, in particular for
precipitation and the ocean surface, reflects some important characteristics of the global
hydrological cycle. Dansgaard’s (1964) work on the longer-term isotopic composition
in surface waters and precipitation was a corner stone to gain a semi-empirical under-
standing of the atmospheric branch of the hydrological cycle. In this section, this now
‘classical’ empirical view is re-interpreted from the viewpoint of a process-oriented un-
derstanding of stable isotope fractionation. By regarding the so-called isotope effects in
their genetic context a physically consistent interpretation is achieved and conceptual
caveats become evident.

2.4.1 Annual mean isotopic signature

Since 1961, the IAEA compiles a database containing measurements of stable isotope
composition in precipitation with monthly resolution from stations distributed world-
wide. This Global Network of Isotopes in Precipitation (GNIP) database3 provides
the basis for global maps of water stable isotope ratios in surface precipitation. The
global maps of !18O (and !D, not shown) in precipitation exhibit several salient features
(Fig. 2.5). A strong latitudinal gradient is evident, with increasingly depleted ratios to-
wards the poles. Tropical areas show the least depleted precipitation, close to V-SMOW.
Mountain ranges, in particular the Rocky Mountains and the Himalaya, form depleted
regions. Finally, isotope ratios are more depleted towards the interior of the continents,
for example in Eurasia. Lowest ratios are observed near the poles, with !18O < !24!
and !D < !150! in northern Greenland, while in central East Africa isotope ratios are
close to V-SMOW. It should however be highlighted that many stations in the GNIP
database only have a discontinuous record, and that due to the higher density of ob-
servations significant biases exist towards the Northern Hemisphere and, in particular,
Central Europe.

3GNIP database accessible at the URL http://isohis.iaea.org/GNIP.asp
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Figure 2.5: Annual mean composition of !18O in precipitation compiled from the GNIP database
(Araguás-Araguás et al. 2000)

Seasonal variation is significant at some observation sites, while others have rather
small annual amplitudes (Fig. 2.6). Strongest amplitudes range up to 16! for !18O, for
example at the continental station Wynyard, Canada (51.46!N; 104.10!W). Coastal or
island stations, such as Valencia, Spain (39.29!N; 0.24!W) or Midway, Pacific (28.12!N;
177.24!W), show small annual amplitudes with slightly depleted isotope ratios. A cor-
relation between long-term mean annual averages for !18O and !D from GNIP stations
results in the so-called Global Meteoric Water Line (GMWL). This regression line has a
slope of !8 and an offset of !10!. The GMWL underlines that in the mean, !18O and
!D generally are subject to the same processes in the atmosphere, yet !D fractionation
is 8 times stronger. The regression line has a 10! offset to the origin, which is due
to kinetic fractionation effects, and hence equal to the d-excess. This indicates that on
longer time scales the !D and !18O show persistent fractionation differences, probably
due to the prevailing evaporation conditions. The mean seasonal cycle of stable isotope
composition at a station generally varies along the GMWL. For some stations, signifi-
cant deviations from the GMWL have been noticed, and so called Local Meteoric Water
Lines (LMWL) have been established. However, deviations from the GMWL are mainly
due to local processes, such as rainwater evaporation and seasonal transport changes
rather than different fractionation processes, hence using LMWL can be a misleading
concept (Gat 1996).

Even though by definition the mean isotopic composition of ocean water is
!(D,18O)V-SMOW = 0!, due to evaporative enrichment or freshwater input, individual
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Figure 2.6: Selected seasonal cycles of !18O from Northern Hemisphere GNIP stations (Mook
2001).

observations of ocean surface waters can show isotope ratios ranging between !6 to
+3! (Schmidt 1999). A map of the global mean distribution of !18O in ocean surface
waters compiled from all available data (uncorrected for season) shows more depleted
ratios towards the poles due to meltwater input from glaciers (Fig. 2.7). In some areas,
such as the Mediterranean, net evaporation results in enriched isotope ratios of up to
+3!. Less data are available for !D; here, measurements in ocean surface waters range
between !28 and +10!. In general, for oceans the observational database of isotopic
composition is very limited, and data gaps can only be filled by isotope GCM models
(see Sec. 2.6).

2.4.2 Stable isotope effects

The global and seasonal mean picture of stable isotopes in precipitation has led
Dansgaard (1964) to formulate the empirical isotope effects, and due to their intuitive
instructiveness they have become a widely used means for interpreting stable isotopes.
However, on shorter time scales, variability is considerable, the simplified mean pic-
ture disintegrates, and individual ‘effects’ are difficult to separate. Without a detailed
process-oriented understanding, interpretation of stable isotope ratios by means of the
isotope effects may even be misleading. In addition, a number of assumptions need to
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Figure 2.7: Ocean surface mean isotopic composition compiled from all available observations
(Schmidt 1999).

be made, such as a fixed moisture source for global precipitation between 40! N and
40! S, which now have partly been shown to be too simplified. Transport influences
are mostly neglected, even though they are very relevant for the interpretation of the
global water isotope pattern (Rozanski et al. 1982).

In the following, Dansgaard’s isotope effects are listed and discussed from a process-
oriented perspective.

Latitude effect: The latitude effect is based on the observation of a gradually depleted
isotope signal in precipitation towards higher latitudes (Fig. 2.5). The average
gradient for !18O is !0.6!/! latitude in mid-latitudes, and up to !2!/! lati-
tude in Antarctica (Mook 2001). Along with latitude, isotope ratios correlate with
annual mean surface temperature according to the isotope-temperature relationship
(!-T relationship) (Eq. 2.14, Dansgaard 1964):

!18O = 0.62 · T ! 15.25 (!). (2.14)

This relationship between stable isotopes and surface temperature has become
one of the principal tools of paleoclimatology, primarily in the interpretation of
high-latitude ice cores. In light of the previous sections, it is evident that a num-
ber of processes contribute to this latitude effect. Condensation temperature and
hence fractionation factors change as moisture condensates at more northerly lat-
itudes (Table 2.3). Precipitation increasingly falls as snow at high latitudes, and
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hence equilibrates less with surface moisture. Ocean surface water is more de-
pleted in high latitudes, and so will be the evaporating moisture from it. Cy-
clonic systems from the mid-latitudes produce increasingly depleted precipita-
tion as they travel northward along the storm track. All of these factors con-
tribute to more depleted isotopic ratios. Considering that the simple !-T rela-
tionship emerges from the interplay of a number of processes which cannot a
priori be regarded as time-invariant on climate time scales (Brown and Simmonds
2004), which underlines the importance of process-oriented investigations of iso-
tope fractionation.

Altitude effect: The isotopic ratios of precipitation generally decrease with increas-
ing altitude (Fig. 2.5, e.g. the Andes). The decrease ranges between !0.1 and
!0.6!/100 m, in the western U.S. and Chile it can be up to !4!/100 m (Mook
2001). The reasons for this altitude effect are again complex. It can be directly
related to the decrease in saturation vapour pressure with altitude, i.e. when pre-
cipitation forms orographically and condensation takes place at different vertical
levels. In addition, the temperature dependence of fractionation factors comes
into play. However, the equilibration length of falling rain drops is different for
different altitudes as well, and the height of the melting layer can be of signifi-
cant influence in highly orographic terrain. Finally, different transport patterns
may govern moisture advection at different altitudes, for example when precip-
itation occurs below or above the trade inversion, or has a different seasonality
with altitude.

Continental effect: In general, isotopic ratios decrease with increasing distance from
the coast (Fig. 2.5, e.g. in Eurasia). Prominent examples are transects from Va-
lencia to the Ural mountains, which show a decrease of !12! in !18O over a dis-
tance of 5000 km (Rozanski et al. 1993). Again, multiple factors contribute to this
continentality effect. As a precipitating system moves inland, the precipitation
becomes increasingly depleted as does the remaining water vapour. In addition,
depleted terrestrial moisture may be recycled and further contribute to depleted
isotope ratios. The annual temperature amplitude increases with increasing con-
tinentality, which influences the seasonality of condensation temperatures and
hence fractionation factors. The contribution of convective systems to precipita-
tion may increase further inland. Finally, the seasonality of precipitation may be
different, and, what leads to a further depleted isotopic signal, a larger fraction
of solid precipitation may be deposited during wintertime at continental sites.
The continental effect is hence strongly interlinked with the seasonal effect (see
below).

Amount effect: Stations with high annual precipitation amounts can on some occa-
sions exhibit significantly depleted isotopic ratios (Fig. 2.5, e.g. in Indonesia).
This amount effect is in particular found in areas affected by the ITCZ, as well
as in hurricanes and, to a lesser extent, in other convective precipitation regimes.
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The highly depleted values in heavy precipitation are physically related to low
rainwater-equilibration due to large droplets and high relative humidity below
convective clouds, downdraughts that decrease the time available for equilibra-
tion, and finally the recycling of precipitation, e.g. in the Amazon basin, and as
hypothesised by Lawrence et al. (1998) also between successive rain bands (see
Sec. 2.3.2).

Seasonal effect: The seasonal variation of stable isotopes in precipitation apparent at
many observation sites is termed seasonal effect (Fig. 2.6). Different stations show
largely different seasonalities, for example with annual amplitudes of up to 16!

in Wynyard, Canada. Generally interpreted as a temperature-related effect on the
fractionation factors, other influences are often also relevant. The precipitation
type can be very different between seasons, such as predominantly stratiform
precipitation in winter versus convective precipitation in summer, different extent
of water recycling, different melting layer altitudes, and a different ratio of solid
to liquid precipitation. The seasonality of the stable water isotopes is very useful
for the dating of ice core records by annual layer counting (e.g. Eichler et al. 2000;
Sodemann et al. 2006). Physically, however, the seasonal effect is impossible to
attribute to one single meteorological cause.

The above reconsideration of Dansgaard’s classical isotope effects from a process-
oriented perspective illustrates the complexity inherent to the interpretation of sta-
ble isotopes in precipitation. Furthermore, it evidences the limitations of interpreting
trends in precipitation as the superposition of ‘effects’. From a modelling perspective,
studying the isotopic composition at cloud condensation level instead of precipitation
at the surface could considerably reduce the variability, and provide a useful data set
for model validation. The value of a detailed process understanding is also evident on
inter-annual to climate time scales, as is elucidated in the following section.

2.5 Isotopic processes on the inter-annual to climate scale

One of the most important applications of stable isotopes in the water cycle is their
use for the reconstruction of past climate variability, on inter-annual to multi-millenial
time scales. The signal of !18O and !D in ice cores from Greenland and Antarc-
tica has been used as a proxy for the polar mean temperature over the last 123’000
and 740’000 years, respectively, with seasonal to multi-year resolution (Dansgaard
1993; EPICA community members 2004). In addition, d-excess is usually interpreted
as a moisture source region signal, primarily due to assumed influences of the rela-
tive humidity and sea surface temperature (SST) on evaporation (Johnsen et al. 1989;
Barlow et al. 1993). As previously noted, observational constraints on this parameter
from atmospheric measurements are however very limited.
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In the absence of detailed process-based knowledge, the primary tools for the pale-
oclimatic interpretation of stable isotope records are the empirical isotope-temperature
relationship, and the isotope effects proposed by Dansgaard (1964). However, consid-
erable uncertainty exists on how constant this empirical relation has been through time,
and on additional parameters that could influence this dependency (Jouzel et al. 1997;
Brown and Simmonds 2004). Isotope GCM studies have more recently increased the
understanding of isotope processes on climate time scales (see Sec. 2.6).

The main points of uncertainty are linked to the following questions:

(i) How do individual precipitation events translate into a mean value (Helsen et al.
2005a)?

(ii) What is the relation between the surface and cloud temperatures?

(iii) What is the influence of transport variability?

(iv) Were the patterns and their seasonality of atmospheric moisture transport constant
on climatic time scales (e.g., Krinner et al. 1997; Krinner and Werner 2003)?

(v) Which transformations can occur in the archive after deposition (e.g.,
Delmotte et al. 2000)?

While questions (i)–(iii) are in the focus of the Lagrangian methodology introduced
below, (iv) and (v) cannot be considered here.

Process-aimed studies are virtually impossible to accomplish on climate time scales,
as direct observations are replaced by ever sparser proxy data from various archives as
one goes further backward in time. One possibility to circumvent this difficulty is to
use inter-annual variability of the present-day climate as a proxy for the atmospheric
reorganisations that accompanied past climate variability. On inter-annual time scales,
isotope data in precipitation during the last !50 years, mainly from firn cores, are as-
sisted by reliable observations of the general circulation, such as reanalysis data.

The North Atlantic Oscillation (NAO) is an important (mostly) atmospheric mode
of variability in the Northern Hemisphere (Walker and Bliss 1928; Hurrell et al. 2003). It
is profoundly linked to the general circulation, and in particular the patterns of temper-
ature and precipitation in areas adjacent to the North Atlantic. Historically, the NAO
index is defined as the difference in sea level pressure between Lisbon and Iceland,
normalised by the mean state; more recent studies use empirical orthogonal functions
(EOF) to extract the main modes of variability (Hurrell 1995). The NAO index oscillates
between positive and negative phases, and the pattern is particularly pronounced dur-
ing winter months. During summer, the NAO is not the dominant mode of variability.
The mean sea level pressure pattern associated with positive NAO phases is a strong
Icelandic low and a strong Azores high, while during the NAO negative phase a weak
surface pressure gradient prevails over the North Atlantic (Figs. 2.8,2.9).



2.5. Isotopic processes on the inter-annual to climate scale 27

(a)

984

996

99
6

996

1008

1008

100
8

10081020

1020

1020

1020

1020

102
0

1020

1020

102
0

1020

10
20

1020

1020

(b)

1008

1008

10
20

10
20

10
20

10
20

1020
1020

1020
1020

1020

Figure 2.8: Mean sea level pressure for representative winter months for (a) positive NAO, (b)
negative NAO months. See Chapter 3 for the data sources of this figure.

The NAO variability is particularly important for observations from Greenland. It
considerably changes winter temperatures and precipitation around and above the
Greenland ice sheet (Rogers et al. 1998; Hurrell et al. 2003). During positive NAO
phases, temperatures above Greenland are up to 4 K colder at a 700 hPa surface than
during negative NAO months (Fig 2.9). Greenland precipitation is generally more
widespread and frequent during negative NAO phases (Bromwich et al. 1999). The
two main phases of the NAO have been active with varying intensity over the last
150 years covered by observations, but extend backwards considerably further in time
(Vinther et al. 2003).

The inter-annual variability in the general circulation associated with different NAO
phases shares similarities with assumed changes during longer-term climate shifts:
Apart from the profound differences in circulation, temperatures, and precipitation, sea
surface temperature can vary, adding an important factor of influence on longer time
scales. Therefore, we use NAO variability here to examine pronounced atmospheric
reorganisations and their impact on the stable isotope record in Greenland. It can
be speculated that similar mechanisms of atmospheric reorganisation could also have
been active during rapid shifts in the longer-term climate, such as Dansgaard-Oeschger
events, or the Younger Dryas period during the Holocene, and may have contributed to
the corresponding isotopic signals preserved in Greenland ice cores (Dansgaard 1993;
Stuiver and Grootes 2000).

The NAO-induced variability of circulation, temperature, and precipitation in
Greenland is also apparent in the annual snow accumulation sequence of ice cores
(Appenzeller et al. 1998b,a; Mosley-Thompson et al. 2005), as well as to some extent
in the stable isotope signals in firn and ice cores from central Greenland (Barlow et al.
1993, 1997; White et al. 1997). However, the NAO signal is often blurred by other in-
fluences on the stable isotopes, which requires typically to use stacked (composite) ice
cores and EOF analysis to extract significant correlations with the NAO. Despite the
strong influence on the circulation in Greenland, the NAO only explains about half
the variance observed in stable isotope records (Rogers et al. 1998; Vinther et al. 2003).
Nevertheless, accumulation sequences and stable isotope records have been used to
reconstruct the NAO time series several centuries beyond the observational period.
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Figure 2.9: Mean temperature at the 700hPa surface for representative winter months for (a)
positive NAO, (b) negative NAO months. See Chapter 3 for the data sources of this figure.

A considerable challenge for the validity of the isotope-temperature relationship in
Greenland is the discrepancy of isotope-based temperature reconstructions with tem-
perature estimates from bore holes (Dahl-Jensen et al. 1998; Krinner and Werner 2003).
Stable isotope temperature estimates are several degrees colder during the last glacial
maximum (LGM) than bore-hole temperatures. A number of hypotheses have been
put forward to reconcile this discrepancy, such as changes in the position of the storm
track and the polar front, a different ice sheet topography which enforced changes in
the general circulation, and seasonality shifts of the precipitation maximum (Steig et al.
1994; Krinner et al. 1997; Hoffmann et al. 2000; Krinner and Werner 2003). All of these
hypotheses imply profound changes in the isotope-temperature relationship. If the in-
fluence of the NAO variability on the isotope-temperature relationship can be resolved
from a process-oriented perspective, it may be possible to extrapolate this knowledge
to the variability on glacial-interglacial climate time scales as well. This underlines how
crucial the emergence of a process-based understanding of isotope records may be for
the climatic interpretation of ice core data.

The secondary parameter d-excess also shows seasonal and inter-annual variability
in Greenland firn and ice-core records. This variability has been interpreted as a tem-
perature signal of the water vapour source, assuming a constant source region of water
for precipitation (Johnsen et al. 1989). With today’s knowledge of atmospheric mois-
ture transport, this concept is over-simplified, and it has been realised that transport
must exert a strong influence on the d-excess (Masson-Delmotte et al. 2005a,b). How
exactly the change in d-excess comes about is however still unresolved.

Processes associated with the preservation of the stable isotope signal in archives
are an important source of uncertainty. A multitude of influences during and after
deposition can alter the isotopic signal preserved in falling snow. Snow-drift, subli-
mation, sastrugi formation, firn convection, melting, flow deformation and diffusion
are various issues to consider. They generally limit the temporal resolution that can
be achieved with these archives to between several months to years as one goes back
further in time (Seimon 2003; Helsen et al. 2005b).

An evaluation of the isotope-temperature relationship which focuses on the pro-
cesses acting on an inter-annual time scale could help to clarify certain disputed as-
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pects: What is the spatial variability of isotopic signals on the Greenland plateau?
How strong is the event-to-event variability in isotopic parameters? Does the isotope-
temperature relationship vary with changes in the NAO? Stable isotope models are
invaluable means to accomplish this task. Their past and present use, as well as a pro-
posed extension are compiled in the following section.

2.6 Modelling of stable water isotopes

Aiming to enhance the understanding of stable water isotope processes on local to
global scales, current stable isotope models attempt to synthesise the available knowl-
edge on stable isotope processes to various degrees. From the earliest Rayleigh-
distillation models, research has advanced to GCMs which have stable isotope pro-
cesses coupled into the model’s hydrological cycle (Joussaume et al. 1984). The (zero-
dimensional) Rayleigh model has been presented as an example in Section 2.1. In this
section, details of more advanced modelling attempts are given, together with a discus-
sion of the limitations of each model type. Furthermore, it is discussed how they can
be combined to study unresolved aspects of stable water isotopes in the atmosphere.

A fundamental distinction in stable isotope modelling can be made between two
model families, namely Lagrangian and Eulerian approaches. The Lagrangian category
considers the fractionation of the moisture in an air parcel during its transport through
space and time. Eulerian model approaches calculate isotopic fractionation based on
first principles for the whole temporally and spatially discretised model domain. Both
approaches are seconded by parameterisations of sub-grid scale processes. While in
both categories increasingly complex models have been developed, several intermedi-
ate approaches have been proposed recently which try to combine the advantages of
the two families. A description of the characteristics, strengths and weaknesses for the
various existing approaches provides the framework for the approach applied in this
work.

Lagrangian Rayleigh models: Lagrangian Rayleigh distillation models are commonly
used in conjunction with prescribed idealised or ’climatological’ pseudo-
trajectories, which follow the hypothetical path of atmospheric moisture trans-
port (Dansgaard 1964; Johnsen et al. 1989). Jouzel and Merlivat (1984) and
Ciais and Jouzel (1994) included microphysics parameterisations into such a
model (Mixed Cloud Isotope Model, MCIM), which allowed an application to
cold polar regimes. The original idea of the MCIM model was to understand
stable isotope fractionation on climate time scales, but in principle it can be ap-
plied to shorter time scales as well. The intriguing intuitiveness of this concept
is alleviated by a number of difficulties. First, idealised trajectories of moisture
transport do generally fall short of representing the large variability of atmo-
spheric moisture transport, as they assume a fixed water source in the tropics.
Second, due to lack of better information at that time, several parameterisations
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based on semi-empirical knowledge are build into the model. This concerns the
relation between surface and cloud temperature and the kinetic fractionation ef-
fect in supersaturated ice clouds. Finally, the initial isotope ratios of air parcels
are not well-constrained, while being quite important for the final isotope ratio
(Jouzel and Koster 1996). Further details on the MCIM model are given in Ap-
pendix C.

2D column models: Two-dimensional column models have been developed mainly to
increase the understanding of tropospheric isotope fractionation in the vertical
(Rozanski and Sonntag 1982; Gedzelman and Arnold 1994). These models have
been applied to precipitation events on time scales of hours to days, and partly
contain advanced microphysics parameterisations, such as cloud ice, liquid, grau-
pel, hail, and vapour species. The strength of these models is to increase the un-
derstanding of the vertical processes in idealised situations as they capture all
processes that influence the isotopic ratio of surface precipitation. Furthermore,
they help to understand observed time series of isotopes in precipitation on time
scales of minutes to hours. Major limitations are the difficulty to initialise such
models (e.g. from soundings), the sparsity of vertical stable isotope profiles in the
troposphere to compare with, and the exclusion of isotope advection and fraction-
ation during surface evaporation.

2D advection models: Two-dimensional isotope advection models are a recent ap-
proach to modelling stable isotopes in mid- and low latitudes. The model of
Yoshimura et al. (2003) combines a moisture budget equation on a single-level
2.5!!2.5! global grid with an upstream advection scheme and Rayleigh distilla-
tion equations. Driven by reanalysis data, the model is able to reproduce surface
precipitation variability to a fair degree, yet with considerable offsets. Isotope ad-
vection models highlight the importance of advection for isotopes in precipitation
in temperate and tropical regions, and provide a possibility to evaluate some as-
pects of reanalysis data for these regions (Yoshimura et al. 2004). However, rather
crude assumptions regarding important processes such as evaporation and cloud
microphysics probably lead to the offset noted above, and considerably limit new
process understanding by this kind of model. Kavanaugh and Cuffey (2003) de-
veloped an intermediate complexity model (ICM) that simulates isotopic fraction-
ation along a meridional transport path, and combines the influences of advection
and eddy diffusivity. From the required model tuning, they derived that diffusive
‘isotopic recharge’ during transport is crucial to achieve realistic results with such
an ICM.

3D GCMs and RCMs: Global circulation models fitted with water isotope processes
were first introduced by Joussaume et al. (1984). By now, several GCMs and one
regional climate model (RCM) (Sturm et al. 2005; Fischer and Sturm 2006) are ca-
pable of simulating the stable isotope composition of the hydrological cycle in an
Eulerian framework (Hoffmann et al. 1998; Schmidt 1999; Noone and Simmonds
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2002). All sub-grid scale fractionation processes have to be parameterised in these
models, which introduces uncertainty where process understanding is limited.
This is in particular the case for mixed-phase clouds and low-temperature en-
vironments. Nevertheless, the stable isotope patterns in precipitation are well-
reproduced, with some exceptions for high latitudes, and the Deuterium excess
(Hoffmann et al. 2000; Delaygue et al. 2000; Werner et al. 2001). Such models can
also be used to fill data-sparse regions. The process understanding gained from
3D models is despite their success limited, since the simulated isotope pattern
represents the influences of different fractionation processes, and errors may mu-
tually compensate. Due to lack of suitable observational data, validation of the
simulated vertical structure is virtually impossible. Required spin-up times and
low resolutions are further difficulties, in particular in polar regions, where in-
terest is largest. Biases due to specific model climate characteristics exist, but
could be circumvented by nudging GCMs with reanalysis data (G. Hoffmann,
pers. comm., 2005).

Intermediate approaches: Modelling efforts which make use of both Lagrangian and
Eulerian information to gain a better process understanding are considered here
as intermediate approaches. Three-dimensional kinematic backward trajectories
calculated from reanalysis data provide moisture transport information which
can be compared with surface observations from 1957 onwards. They also cap-
ture a considerable part of the variability present on synoptic time scales. As
proposed by Jouzel and Koster (1996), GCM-produced fields of stable isotope ra-
tios of water vapour can provide initial conditions for Lagrangian fractionation
studies. Helsen et al. (2004) used such an approach to study the isotope signal
of a single firn core location in Antarctica. Large numbers of backward trajec-
tories can be used to describe the fractionation history of a complete air mass.
Thereby, fractionation-relevant parameters are accessible with high spatial and
temporal resolution, and a degree of similarity to the actual evolution of atmo-
spheric flow that is not available from current GCMs. Combined with a suitable
moisture transport diagnostics, backward trajectories can in addition provide in-
formation on the sources and fractionation history of moisture in an air parcel.
Due to the available reanalysis data, such studies are currently limited to the
last 44 years, and computational constraints make such studies only feasible on
monthly to multi-annual time scales.

A summary of the advantages and limitation of the different types of stable isotope
models is compiled in Tab. 2.5. From the comparison of the strengths and weaknesses
in current models, four main themes in enhancing the process understanding due to
future stable isotope model development can be designated. These challenges are

(i) to identify the reasons for poorly reproduced patterns of non-equilibrium fraction-
ation processes, in particular during evaporation, and to find better parameteri-
sations for these,
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(ii) to compare models with observational surface data on time scales from minutes to
days,

(iii) to reveal what the importance of large-scale transport and mixing are for stable
isotopes in precipitation,

(iv) to find means to compare the vertical structure of stable isotopes in the atmosphere
with observational data.

The intermediate approach which is put forward here has a great potential to pro-
vide, in combination with the other modelling approaches, more process understand-
ing along these four themes. Its main advantages are that it can be compared to cur-
rent high-quality observational data, and that source-receptor relationships make an
attribution of cause and effect in a Lagrangian framework very intuitive. The results
drawn from an advanced Lagrangian methodology have potentially important impli-
cations for the sensitivity and limitations of Lagrangian studies using climatological
mean wind and temperature information. In the following two chapters, it is demon-
strated that from a study of inter-annual variability in the Northern Hemisphere with a
focus on moisture transport to the Greenland ice sheet, such an intermediate approach
does indeed yield new valuable insights into the climatological interpretation of stable
isotope signals in firn and ice cores.

Table 2.5: Compilation of stable isotope models on different scales, their advantages and limi-
tations.

Model type Advantages Limitations

Lagrangian
Rayleigh models

Simplicity, intuitiveness Initialisation, no vertical
processes, parameterisations

2D column
models

Vertical process understanding,
high temporal resolution

Initialisation, data for validation

2D advection
models

Simplicity, reanalysis input data No process understanding, only
one vertical layer

3D GCMs Global coverage, incorporate
available knowledge

No process separation,
resolution, parameterisations,
model climate

Intermediate
approaches

Reanalysis input data, high
spatio-temporal resolution,
combines GCMs and
Lagrangian Rayleigh models

Calculation time, no convection
and rainwater
evaporation/equilibration
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Chem. Phys. 10, 1423–1436.

Marsh, T. J., and R. B. Bradford. 2003. The floods of August 2002 in central Europe. Weather 58,
168.



BIBLIOGRAPHY 227

Martius, O., E. Zenklusen, C. Schwierz, , and H. C. Davies. 2006. Episodes of Alpine heavy pre-
cipitation with an overlying elongated stratospheric intrusion: A Climatology. Int. J. Climatol.
26, 1149–1164. 10.1002/joc.1295.

Massacand, A. C., H. Wernli, and H. C. Davies. 1998. Heavy precipitation on the Alpine south-
side: An upper-level precursor. Geophys. Res. Lett. 25, 1435–1438.

Masson-Delmotte, V., A. Landais, M. Stievenard, O. Cattani, S. Falourd, J. Jouzel, S. J. Johnsen,
D. Dahl-Jensen, A. Sveinsbjornsdottir, J. W. C. White, T. Popp, and H. Fischer. 2005a.
Holocene climatic changes in Greenland: Different deuterium excess signals at Greenland
Ice Core Project (GRIP) and NorthGRIP. J. Geophys. Res. 110, D14102.

Masson-Delmotte, V., J. Jouzel, A. Landais, M. Stievenard, S. J. Johnsen, J. W. C. White,
M. Werner, A. Sveinbjornsdottir, and K. Fuhrer. 2005b. GRIP deuterium excess reveals rapid
and orbital-scale changes in Greenland moisture origin. Science 309, 118–121.

Mattis, I., A. Ansmann, D. Mueller, U. Wandinger, and D. Althausen. 2002. Dual-wavelength
Raman lidar observations of the extinction-to-backscatter ratio of Saharan dust. Geophys. Res.
Lett. 20, 20. 10.1029/2002GL014721.

Mellor, G. L., and T. Yamada. 1974. A hierarchy of turbulent closure models for planetary
boundary layers. J. Atmos. Sci. 31, 1791–1806.

Merlivat, L., and J. Jouzel. 1979. Global climatic interpretation of the Deuterium-Oxygen 18
relationship for precipitation. J. Geophys. Res. 84, 5029–5033.

Mladek, R., J. Barckicke, P. Binder, P. Bougeault, N. Brzovic, C. Frei, J. F. Geleyn, J. Hoffman,
W. Ott, T. Paccagnella, P. Patruno, P. Pottier, and A. Rossa. 2000. Intercomparison and eval-
uation of precipitation forecasts for MAP seasons 1995 and 1996. Meteorol. Atmos. Phys. 72,
111–129.

Mook, W. M. E. 2001. Environmental Isotopes in he Hydrological Cycle. Principles and Applications.
UNESCO/IAEA Series, http://www.-naweb.iaea.org/napc/ih/volumes.asp.

Morgenstern, O., and H. C. Davies. 1999. Disruption of an upper-level PV-streamer by oro-
graphic and cloud-diabatic effects. Contr. Atmos. Phys. 72, 173–186.

Mosley-Thompson, E., C. R. Readinger, P. Craigmil, L. G. Thompson, and C. A. Calder. 2005. Re-
gional sensitivity of Greenland precipitation to NAO variability. Geophys. Res. Lett. 32, L24707.

Moulin, C., C. E. Lambert, U. Dayan, V. Masson, M. Ramonet, P. Bousquet, M. Lagrand, Y. J.
Balkanski, W. Guelle, B. Marticorean, G. Bergametti, and F. Dulac. 1998. Satellite climatology
of African dust transport in the Mediterranean atmosphere. J. Geophys. Res. 103, 13137–13144.

Newell, R. E., N. E. Newell, Y. Zhu, and C. Scott. 1992. Tropospheric rivers? - A pilot study.
Geophys. Res. Lett. 12, 2401–2404.

Noone, D., and I. Simmonds. 2002. Annular variations in moisture transport mechanisms and
the abundance of d18O in Antarctic snow. J. Geophys. Res. 107, 4742.



228 BIBLIOGRAPHY

Numaguti, A. 1999. Origin and recycling processes of precipitating water over the Eurasian
continent: Experiments using an atmospheric general circulation model. J. Geophys.Res. 104,
1957–1972.

O’Dowd, C. D., M. C. Facchini, F. Cavalli, D. Ceburnis, M. Mircea, S. Decesari, S. Fuzzi, Y. J.
Yoon, and J.-P. Putaud. 2004. Biogenically driven organic contribution to marine aerosol.
Nature 431, 676–680.

O’Reilly, J. E., S. Maritorena, B. G. Mitchell, D. A. Siegel, K. L. Carder, S. A. Garver, M. Kahru,
and C. McClain. 1998. Ocean color chlorophyll algorithms for SeaWiFS. J. Geophys. Res. 103,
24937–24953.

ornexl, B. E., M. Gehre, R. Hofling, and R. A. Werner. 1999. On-line delta O-18 measurement of
organic and inorganic substances. Rapid Comm. Mass Spectr. 13, 1685–1693.

Osada, K., H. Iida, M. Kido, K. Matsunaga, and Y. Iwasaka. 2004. Mineral dust layers in snow at
Mount Tateyama, Central Japan: formation processes and characteristics. Tellus 56B, 382–392.

Papayannis, A., D. Balis, V. Amiridis, G. Chourdakis, G. Tsaknakis, C. Zerefos, A. D. A. Cas-
tanho, S. Nickovic, S. Kazadzis, and J. Grabowski. 2005. Measurements of Saharan dust
aerosols over the Eastern Mediterranean using elastic backscatter-Raman lidar, spectropho-
tometric and satellite observations in the frame of the EARLINET project. Atmos. Chem. Phys.
5, 2065–2079.

Petit, J. R., J. W. C. White, N. W. Young, J. Jouzel, and Y. S. Korotkevich. 1991. Deuterium excess
in recent Antarctic snow. J. Geophys. Res. 96, 5113–5122.

Preunkert, S., D. Wagenbach, M. Legrand, , and C. Vincent. 2000. Col du Dôme (Mt Blanc Massif,
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